Abstract A simple model of the global marine iron cycle is used to constrain the sources, sinks, and biological cycling of iron. The iron model is embedded in a data-assimilated steady state circulation, with biological cycling driven by a prescribed, data-constrained phosphate cycle. Biogeochemical parameters are determined by minimizing a suitably weighted quadratic mismatch with available dissolved iron (dFe) observations, including GEOTRACES transects. Because the effective iron sources and sinks overlap, current dFe observations cannot constrain sources and sinks independently. We therefore determine a family of optimal solutions for a range of the aeolian source strength A from 0.3 to 6.1 Gmol/yr. We find that the dFe observations constrain the maximum Fe:P uptake ratio R 0 to be proportional to A , with a range that spans most available measurements. Thus, with either R 0 or A specified, a unique solution is determined. Global inventories of total and free iron are well constrained at (7.4 ± 0.2) × 10 11 and (1.39 ± 0.05) × 10 10 mol Fe, respectively. The dFe distributions are very similar across the family of solutions, with iron limitation in the known high-nutrient low-chlorophyll regions. Hydrothermal source strength ranges from 0.57 to 0.73 Gmol/yr and does not vary systematically with A suggesting that the hydrothermal and aeolian parts of the iron cycle are largely decoupled. The hydrothermal dFe anomaly in the euphotic zone is ∼10% and concentrated in subpolar regions of iron limitation. Enhanced ligand concentrations in old waters and in hydrothermal plumes are necessary to capture key features of the dFe observations.
Introduction
Iron is an essential micronutrient for phytoplankton growth [Takeda, 1998; Huntsman, 1997b, 1995] that has been shown to limit primary production in high-nutrient, low-chlorophyll (HNLC) regions, such as the Southern Ocean and the eastern equatorial Pacific [Martin et al., 1990; Boyd et al., 2007; Landry et al., 1997; de Baar et al., 1995] . To date, the iron cycle has been modeled with various degrees of complexity. Early box models such as Lefevre and Watson [1999] and Archer and Johnson [2000] used aeolian mineral dust as the sole source of soluble iron, balanced with a sink of scavenging by sinking organic particles. These models showed that the chelation of iron by ligands sets an upper limit on deep-ocean iron concentrations. A subsequent observational study by Elrod et al. [2004] established that oxidizing organic matter on sediments allows iron to be released from the sediments, providing a source of dissolved iron (dFe) that may potentially be comparable in magnitude to the aeolian source. Parekh et al. [2005] incorporated both aeolian and sediment sources into a relatively simple biogeochemical model and showed that HNLC regions are a consequence of iron limitation. Recent high-resolution transects of the GEOTRACES program [Mawji et al., 2015] have revealed that hydrothermal vents along mid-ocean ridges inject large plumes of dFe into the ocean at middepth. Although the influence of hydrothermal iron on the euphotic zone is thought to be minor (we will confirm this below), a complete picture of the global marine iron cycle requires the inclusion of hydrothermal sources [e.g., Saito et al., 2013; Tagliabue et al., 2010] .
More complex iron models [e.g., Dutkiewicz et al., 2005; Moore et al., 2004; Galbraith et al., 2010] typically contain many adjustable parameters. However, it is becoming clear that the available iron observations are not sufficient to reliably constrain all these parameters. For example, in a study of the North Pacific, Misumi et al. [2011] compared Doney et al.'s [2006] simple fixed-profile scavenging parameterization with the Biogeochemical Elemental Cycling (BEC) model of Moore and Braucher [2008] and found that both approaches 10.1002/2015JG003111 while organic scavenging acts only on free iron. Free and chelated iron are assumed to be in chemical equilibrium with a pool of ligands. Following Parekh et al. [2004 , we assume that free iron in excess of the available ligands is precipitated out of solution.
Following other recently developed iron models [e.g., Parekh et al., 2005; Moore and Braucher, 2008; Galbraith et al., 2010] , we carry only a single iron tracer, namely, total iron, Fe T , whose concentration is defined by
Carrying a tracer for only [Fe T ] is justified by the lack of detailed knowledge about the global distribution of ligands and the fact that the free iron turns out to represent only a few percent of the total iron pool (this is validated below). Thus, while biological utilization acts only on Fe L in reality, having it act on Fe T in the model is a good approximation.
Iron Cycling
The steady state tracer equation for Fe T can be written as
where  is the transport operator as in (1), S is the sum of all iron sources, and J sc is the sink of iron due to organic scavenging. The scavenging only acts on [Fe ′ ], which is determined through chemical equilibrium as a function of [Fe T ] as detailed below.
The biological cycling B in (3) captures the uptake of iron in the euphotic zone and the release of iron with the remineralization of organic matter. The cycling of iron and phosphate are linked though the stoichiometric ratio R of iron to phosphate (Fe:P) uptake, that is,
where the inverse uptake timescales and the remineralization operator  are identical to those used in the phosphate model (1). Note that the uptake rate of organic matter itself, [PO 4 ], is prescribed here and hence independent of iron. However, the Fe:P uptake ratio R is assumed to depend on the local dFe concentration through a Michaelis-Menten factor [Galbraith et al., 2010] :
where R 0 is the maximum Fe:P uptake ratio and K 0 is the half-saturation constant. The biological cycling B merely redistributes iron from the euphotic zone to the interior through the action of , and B integrates to zero over each water column.
Iron Sources
There are three iron sources: the aeolian source S A , the sediment source S S , and the hydrothermal source S H . In (3), S = S A + S S + S H is the total source per unit volume. For S A , we use the pattern s 0 (x, y) of the flux of soluble iron from the atmosphere into the ocean surface as modeled by Luo et al. [2008] , normalized so that its global ocean integral is unity. All soluble iron is assumed to dissolve instantly and bind to ligands in the top model layer of thickness Δz 1 . Therefore, S A is nonzero only in the top model layer, where it is given by
and the parameter A is the global aeolian source strength.
Following Elrod et al. [2004] , we take the sediment source S S to be proportional to the flux of organic phosphate to the ocean floor. For this purpose we simply assign the vertically integrated NPP-derived phosphate uptake to the top model layer and consider it to be the organic matter flux at the top of the water column. This flux is then attenuated with depth using a Martin curve (power law) of the same exponent b as in the phosphate
where z 1 = 36 m is the depth of the top layer, and z e is the euphotic depth.
We base the hydrothermal source S H on the source of mantle 3 He as specified by the OCMIP protocol [Dutay et al., 2004] . To convert the 3 He source to S H , we scale it so that its global volume integral is unity. If s i (r) denotes the normalized 3 He source of the tectonic ridge system of the ith basin (Atlantic, Pacific, Indian, and Southern Ocean), S H is constructed as 
Following Parekh et al. [2005] and others, we assume that iron is bound to ligands in a 1:1 ratio so that the total ligand concentration L T is given by
Given L T , [Fe ′ ] is determined as a function of [Fe T ] by the positive root of the quadratic
which follows algebraically from (2), (9), and (10).
Precipitation of free iron was imposed by Parekh et al. [2005] With such data capping, we find that our optimal solution nowhere exceeds L T so that the explicit, and numerically expensive, precipitation of iron can be avoided.
Representation of Ligands
While a number of authors [e.g., Rue and Bruland, 1995; Hunter and Boyd, 2007; Sander and Koschinsky, 2011] suggest that two ligand types can be distinguished, with strongly binding ligands in the upper ocean and more weakly binding ligands at depth, the stability constants and distribution of different ligand types are poorly constrained by current observations. We therefore follow the bulk of existing studies [e.g., Archer and Johnson, 2000; Doney et al., 2006; Parekh et al., 2005; Galbraith et al., 2010] and model only a single ligand type whose stability constant K L is approximated as being globally uniform. (Including two ligand types or variable K L failed to improve our model.)
There is evidence for two systematic spatial variations of L T that we do take into account. First, Misumi et al. [2013] find that old waters can have elevated ligand concentrations, an effect that is readily incorporated into our model because ideal mean age Γ(r) is easily computed for the steady circulation used. Second, high ligand concentrations have been observed near hydrothermal vents [Bennett et al., 2008; Hawkes et al., 2013] , and elevated "hydrothermal" ligands have been found necessary to protect the hydrothermal dFe from being scavenged [Sander and Koschinsky, 2011] . We therefore consider the total ligand concentration to be the sum of a non-hydrothermal seawater component
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In the ocean's oldest waters, the L sw T is assumed to be elevated over a uniform background concentration L b according to the scheme
where we define Γ max = 1600 years and set L b = 1.0 nM following Parekh et al. [2005] and Galbraith et al. [2010] . The value of the maximum attainable ligand concentration, L max , was determined from multiple solutions with L max varying between 1.0 and 4.0 nM and all other parameters fixed at the values of Galbraith et al. [2010] . We selected L max = 2.3 nM based on the solution with the smallest RMS error in dFe. Galbraith et al. [2010] . The clamping is accomplished via fast relaxation with a timescale of v = 1 s. Balancing these relaxational sources and sinks with the steady state transport flux
where M is a mask that is unity for grid points containing vents and zero elsewhere.
Representation of Scavenging
To model the scavenging of iron by particles, we follow the "single-ligand" parameterization used by Archer and Johnson [2000] , Parekh et al. [2005] , and Doney et al. [2006] , in which the scavenging rate per unit volume is taken to be proportional to [Fe ′ ] :
We explored several parameterizations of the scavenging coefficient k sc : (i) A detailed scheme following Parekh et al. [2005] and Galbraith et al. [2010] based on Honeyman et al. 's [1988] empirical power law scaling with organic particle concentration and (ii) a very simple geographically uniform profile that decays exponentially with depth as proposed by Doney et al. [2006] . After the parameters of either schemes were optimized, the resulting total iron concentrations and scavenging rate distributions were very similar. While we reject the spatially uniform parameterization because it is physically implausible, our results suggest that the complexity of the particle-based parameterization of Honeyman et al. [1988] is not needed to obtain a good fit to observations.
We therefore adopt a simple scheme in which the geographic pattern of k sc is based on biological production and the vertical profile follows a power law with exponent . We thus write
where org is a rate constant to be determined through optimization, and the horizontal pattern (x, y) is determined as
where z e = 73.4 m is the model euphotic depth and the global average J up is used as a convenient scale to normalize the pattern. For the vertical structure, f (z, ), we choose a power law because the rate coefficient is thought to be a power of the organic particle density [Honeyman et al., 1988] and because the underlying phosphate model's remineralisation rate follows a Martin curve. However, ballast minerals that sink with the organic particles can still scavenge iron after the organic material has oxidized [e.g., Armstrong et al., 2002; Klaas and Archer, 2002] . To crudely account for this, we do not allow f (z, ) to fall below a minimum value of f min . We thus use
where and f min are determined through objective optimization. (19) represents N coupled nonlinear algebraic equations. We solve (19) using Newton's method, which typically converges in about 20 iterations.
Iron Observations and Cost Function
To constrain the adjustable parameters, we exploited the numerical efficiency of our formulation to systematically minimize a quadratic cost function for the mismatch between modeled and observed iron concentrations. We used both the global iron data set compiled by Tagliabue et al. [2012] (TFE) and the GEO-TRACES Intermediate Data Product (GIDP) [Mawji et al., 2015] to build the cost function. Details of the data processing are provided in Appendix B. The construction of the cost function, which required considerable experimentation, is described in Appendix C together with some details on the optimization. To ensure that model and observations can meaningfully be compared, dFe observations exceeding L T were excluded from the cost function because they cannot be sustained in steady state in the presence of iron precipitation. The uncertainty in dFe observations due to natural variability is propagated to parameter uncertainty by using an ensemble of synthetic observations as described in Appendix D.
Optimized Versus Fixed Parameters and Family of Solutions
The 16 free parameters of our model cannot all be optimized independently because changes in one parameter can be compensated by changes in one or more other parameters.
Nonsource Parameters
Mapping the dependence of the objective function on R 0 and K 0 showed that if these parameters are set to sufficiently large values so that (5) reduces to R ∼ (R 0 ∕K 0 )[Fe T ], the other model parameters can be adjusted to fit the dFe observations reasonably well. However, in such a solution R would not saturate at a realistic maximum R 0 [e.g., Sunda and Huntsman, 1997a] . We therefore chose K 0 = 0.25 nM, which is roughly the geometric mean of the existing estimates that range from 0.1 to 0.8 nM [e.g., Matsumoto et al., 2002; Sunda and Huntsman, 1997a; Galbraith et al., 2010] [Rue and Bruland, 1997; Witter et al., 2000; Boye et al., 2001; Powell and Donat, 2001 ]; we adopt the low-irradiance value of K L = 8 × 10 10 kg/(mol Lig) of Galbraith et al. [2010] for consistency with other prescribed parameters. We acknowledge that because we discard observations that exceed L T (section 2, Appendix B), changes in L T and org cannot completely compensate for each other. The ligand field L T (r) is prescribed using (12), (13), and (14), and held fixed during optimization. Table 1 collects the values of the model's six prescribed parameters.
Source and Sink Parameters: Family of Solutions
The sources and sinks of iron are not well known, with estimates for the aeolian, sediment, and hydrothermal sources that range from A = 0.96-41 Gmol Fe/yr [Fung et al., 2000; Fan et al., 2006] , S = 8 -32 Gmol Fe/yr [Galbraith et al., 2010; Moore and Braucher, 2008] , and H = 0.3 -0.9 Gmol Fe/yr [Bennett et al., 2008; Tagliabue et al., 2010; Fitzsimmons et al., 2014] .
If not colocated, sources and sinks could in principle be optimized independently because they control the gradients of dFe, which can be "felt" by a model-observations concentration mismatch. However, where sources and sinks are colocated, only the source-sink difference has any control on concentrations and sources FRANTS ET AL.
CONSTRAINTS ON THE MARINE IRON CYCLE and sinks cannot be independently determined. For the iron cycle, the iron deposited at the surface is rapidly (instantly in our model) redistributed vertically throughout the water column by the biological pump so that the effective iron source and the scavenging sink strongly overlap. We find that this overlap means that an increased iron source can be compensated by a correspondingly increased scavenging sink without significantly affecting the gradients of dFe, at least not where observations are available. We thus cannot independently optimize source and scavenging parameters to find a unique solution that unambiguously determines the values of the sources. However, the available dFe concentration data do constrain a family of solutions: For a given value of the aeolian input, A , an optimal combination of the other parameters can be determined. We therefore treat A as the model's effective control parameter.
We systematically swept out a family of solutions for an aeolian source strength, A , ranging from 0.3 to 6.1 Gmol Fe/yr. While some previous studies [e.g., Moore and Braucher, 2008] exceed A = 6.1 Gmol Fe/yr, our range of A spans what we consider physically plausible for the Fe:P uptake ratio and for iron limitation (both discussed in more detail below). Figure 1a shows that the maximum Fe:P uptake ratio, R 0 , is tightly correlated with, and approximately proportional to, the aeolian source strength A . This may be understood as follows. In an inverse model such as the one analyzed here, a change in any one parameter must typically be compensated by changes in one or more other parameters to maintain an optimal fit to the observations. In particular, increased aeolian iron input to the ocean surface must be compensated by increased biological cycling or increased euphotic-zone scavenging in order to keep surface concentrations from exceeding observations. Because the phosphate cycling in our model is prescribed, biological cycling can only be increased by increasing R 0 , resulting in the linear relationship shown in Figure 1a . At A = 0.3 Gmol Fe/yr, the euphotic zones of the Atlantic and Indian Oceans are entirely iron replete, while the known HNLC zones in the Southern Ocean, the eastern equatorial Pacific, and the subpolar western Pacific show only weak iron limitation (see section 5.3). As A increases, iron limitation in these regions becomes stronger, and additional iron-limited regions begin to appear in the subpolar Atlantic and in the equatorial Indian Ocean. For A > 6.1 Gmol/yr, the equatorial Atlantic becomes iron limited between 5 ∘ S and 5 ∘ N, which is unrealistic because the aeolian source is especially strong in this region and no iron limitation has been observed there. We explored solutions for A up to 14 Gmol/yr (not shown) but rejected them because they have ever stronger iron limitation in the equatorial Atlantic and equatorial western Pacific.
Results
Because of the linear relation between R 0 and A , a unique solution can be determined by specifying R 0 in lieu of A . Unfortunately, only R and not R 0 is directly observed. However, the observed relationship between Fe:P quota and dFe concentration [e.g., Twining and Baines, 2013] , shows that the Fe:P quota at the highest dFe concentration range from about 2 to 8 mmol Fe/(mol P) depending on plankton class. Our simple model does not distinguish between different plankton classes and tries to represent the average phytoplankton in each euphotic grid cell with a globally uniform value for R 0 . We therefore present results here corresponding to the solution from our family of possibilities for which R 0 = 5.0 mmol Fe/(mol P), which corresponds to A = 3.5 Gmol/yr. We acknowledge that King et al. [2012] report Fe:P quotas as high as 20 mmol Fe/(mol P), but the representativeness of such high values on the global scale is far from clear. Figure 1b shows the cost-weighted RMS error in the dFe concentration as a function of A . As A is increased to 6.1 Gmol/yr, the RMS error decreases, but the difference between the largest and smallest RMS error is only ∼0.015 nM. (When A is increased beyond 6.1 Gmol/year (not shown) the RMS error continues to decrease slightly, but unrealistic patterns of iron limitation develop as discussed above.) The solution for A = 6.1 Gmol/yr (smallest RMS error in Figure 1b) is not necessarily the most desirable solution because it corresponds to R 0 = 9.5 mmol Fe/(mol P), which may be unrealistically high to be globally representative. Qualitatively, all members of our family of solutions have very similar dFe fields with RMS errors of ∼0.2 nM. We now focus on the A = 3.5 Gmol/yr solution, which is representative of the entire family and then return to the systematic dependence of the parameters on A . Figure 2 quantifies the model-observation mismatch in terms of cost-weighted joint distribution functions and RMS concentration errors for each basin. While the model tends to have a smaller dynamic range than the Measurements from both the TFE and GDIP data sets are included. The modeled concentrations are from the optimized A = 3.5 Gmol/yr case. The error bars on the observations represent the uncertainty in the mean profile value as estimated for the TFE data set, while the error bars for the model represent the standard deviation across an ensemble of 20 basin-averaged profiles, each generated using synthetic observational data using a simple Monte Carlo approach.
Fidelity to Observations
observations, the scatter is generally clustered on the 1:1 line. The modeled dFe has a high bias in the Southern Ocean and a slight low bias in the Atlantic. Pacific dFe has the largest RMS error of 0.21 nM, likely because the Pacific hydrothermal source could not be fully optimized due to the absence of Pacific transects in the GIDP. It should also be kept in mind that the observations likely contain difficult-to-quantify biases themselves due to preferential summertime sampling and undersampled interannual variability. The fidelity of our solutions compares favorably to other dFe modeling efforts: Using the significantly more complex model of Moore and Braucher [2008] , Misumi et al. [2011] input with additional contributions from sediments, and the deep maximum is likely due to a combination of both advected hydrothermal and biologically pumped very strong aeolian sources (see also Figure 9a below). Transects GIPY4, GIPY5, and GIPY6 across the Southern Ocean show no clear hydrothermal plumes and very low dFe concentrations, consistent with a negligible optimized source strength for the Southern Ocean ridge system (less than 10 −5 of the total), as discussed below. Figure 5b, the imprint of the surface production pattern can also be seen on the abyssal plains. The hydrothermal iron source (Figure 5c ) is strongest for the East Pacific Rise and negligible for the Southern Ocean ridge system: Our model achieves an optimal fit to existing dFe observations without hydrothermal iron input from the Southern Ocean ridge. However, the mid-Atlantic Ridge extends far enough south to inject ∼3% of the global hydrothermal source into Southern Ocean waters south of 46 ∘ S. (For details on source parameters, see section 5.6 below.) Figure 6 shows the vertically integrated scavenging rate that globally integrated balances the sum of the sources shown in Figure 5 . The geographic pattern of the scavenging is shaped through the scavenging coefficient org by the pattern of biological PO 4 uptake and through the pattern of [Fe ′ ] in accord with equations (15), (16), and (17). The bulk of the scavenging occurs in the upper few hundred meters of the water column, where [Fe ′ ] is dominated by aeolian input. Figure 7a shows [Fe T ] vertically averaged over the euphotic zone with the available observations superposed. To a first approximation, the euphotic-zone distribution is determined by aeolian input (Figure 5, top) , J sc dz, due to scavenging by organic and ballast particles. To remove grid-scale noise, the field has been smoothed horizontally using a single pass of an area-weighted nearest neighbor average.
Sources and Sinks

Large-Scale dFe Distribution
but biological cycling and transport also shape the surface dFe distribution, which therefore does not correlate everywhere with the aeolian source. In particular, regions of strong downwelling, such as the subtropical gyres of the Southern Hemisphere, show extremely low (< 0.1 nM) euphotic iron concentrations despite the presence of aeolian input. Conversely, upwelling and/or deep convection in the Southern Ocean supply iron from depth and lead to dFe concentrations of ∼0.2 nM or higher, even though the aeolian source over the Southern Ocean is nearly zero (∼3 orders of magnitude less than the maximum). These results are consistent with the earlier studies by Parekh et al. [2004 Parekh et al. [ , 2005 , and Dutkiewicz et al. [2005] , which also highlighted the Figure 7a also shows that the modeled euphotic-zone concentrations match the large-scale patterns seen in the observations, including elevated ∼1 nM dFe concentrations in the Sargasso Sea. The signature of dust plumes off Asia in the Pacific and off Patagonia in the South Atlantic are also captured, as are regions of elevated dFe in the Weddell Sea. While our model does not capture the TFE data's surface maximum in the Arabian Sea, such a surface maximum is also absent from the GIDP Indian Ocean transect and therefore likely due to an episodic dust event that our steady model cannot capture. The high concentrations near the Azores seen in the TFE data could be due to episodic dust transport or due to localized island-shelf sediment sources that are not resolved in the model.
Where dFe is low in the euphotic zone, it can limit biological production. Iron limitation can be quantified as the balance between the amount of iron present and the amount needed for complete utilization of the available PO 4 , given an Fe:P uptake ratio R. Iron limitation is thus naturally defined in terms of Parekh et al. Figure 7b shows [Fe * ] vertically averaged over the euphotic zone. Our model captures the iron-limitation that is known to occur in the HNLC regions of the Southern Ocean, the eastern equatorial Pacific, and the subpolar western Pacific [Martin et al., 1990; Boyd et al., 2007; Landry et al., 1997; de Baar et al., 1995] . In addition, we infer regions of negative [Fe * ] in the equatorial and northern Indian Ocean, in the subpolar North Atlantic, and in the Atlantic adjacent to west Africa. While these additional regions are not generally associated with observed iron limitation, the study by Moore et al. [2002] does show some iron limitation in these locations during boreal summer, with patterns similar to those estimated by This difference may be due to the fact that our steady model cannot capture the high seasonal variability in these areas and/or due to the fact that Moore et al. [2002] did not account for lateral transport within the mixed layer. Figure 9 shows the contribution of hydrothermal iron for the A = 3.5 Gmol/yr case calculated as the difference ("anomaly") between the full optimized solution for [Fe T ] and the solution for [Fe T ] with zero hydrothermal source, keeping all other parameters fixed. At depth, the zonally averaged hydrothermal iron concentrations of Figure 9a confirm that the middepth maxima of the total iron concentration visible in Figure 8 are predominantly due to hydrothermal iron sources. In the euphotic zone (Figure 9b ), the hydrothermal iron anomaly is largest in subpolar regions of upwelling and/or deep convection. In the North Atlantic, the hydrothermal iron influence is particularly strong and extends to the Labrador and Greenland Seas because the mid-Atlantic ridge surfaces in Iceland. Note that the strongest, most extensive anomalies in the euphotic The fraction of biological production supported by hydrothermal iron is proportional to the fractional contribution of hydrothermal iron to the total iron uptake (cf. equation (4)), itself proportional to the fractional contribution of hydrothermal dFe to the total dFe. Thus, hydrothermal iron supports order 10% of the biological production in the subpolar oceans. Because these regions are strongly iron limited, with [Fe * ] < −1 nM, the hydrothermal iron concentration is far too small to contribute significantly toward the full uptake of the available phosphate. However, at the equatorward fringes of the subpolar upwelling regions, [Fe * ] is itself very small and hydrothermal iron might alleviate iron limitation there.
Influence of Hydrothermal Iron
The anomaly pattern of Figure 9 is similar to that of Tagliabue et al. [2010] but with more prominent middepth plumes in the Atlantic and Indian Oceans. This difference is likely due to our model's elevated ligand concentrations near the hydrothermal vents, as opposed to the globally uniform ligands in the study of Tagliabue et al. [2010] .
Inventories and Timescales 5.5.1. Inventories
To quantify the iron cycle's bulk timescales, we computed the globally integrated inventories of iron in the free and ligand-bound pools as well as the flow rates through these pools. These fundamental metrics of the iron cycle are not directly available from the sparse observations, but they are easily computed from our optimized solutions. The source-to-sink flow rate is given by ⟨J sc ⟩, and global biological cycling rate is given by
Because the globally integrated sources and sinks must balance exactly in steady state,
⟩ have a range of less than ∼10% across our family of solutions and are thus well constrained. However, the inventory of chelated iron in only the euphotic zone ⟨ΩFe L ⟩, where Ω is the euphotic mask, varies by a factor of 3. This relatively large uncertainty in ⟨ΩFe L ⟩ highlights the delicate balance between aeolian input and biological removal in the euphotic zone and underscores the need for stronger empirical constraints on A and R 0 . To maintain the consistent ⟨ [Fe ′ ] ⟩ and ⟨[Fe T ]⟩ inventories across our family of solutions, different rates of iron input ⟨S⟩ must be balanced by corresponding scavenging and biological uptake rates. Because the range of the total source ⟨S⟩ across the family of solutions is driven primarily by the aeolian input, ⟨J sc ⟩ and ⟨ R J up ⟩ increase approximately linearly with A as shown in Figure 10 . This underlines that sedimentary and hydrothermal iron exert only a secondary influence on nutrient utilization. Straight-line fits to the A dependence of both scavenging and biological uptake have nonzero intercepts at A = 0. This reflects the presence of the hydrothermal and sedimentary sources that need to be balanced by a finite amount of scavenging even when there is no aeolian input.
Timescales
The bulk residence time of Fe T is given by T = ⟨[Fe T ]⟩ ∕ ⟨S⟩, which is the timescale for the global total iron pool to get renewed. The timescale for the scavenging to scrub out the ocean's free iron is given by
and the biological cycling timescale is naturally defined as
and represents the timescale for the entire bioavailable iron pool to pass through the biological pump. The global bulk timescale for the maintenance of the nutricline can be defined as Figure 11 shows the dependence of these timescales on source strength. The biological iron uptake rate ⟨ R J up ⟩ is largely controlled by the aeolian source strength A (Figure 10 ) so that B and up are roughly proportional to 1∕ A . Because T and sc are inversely proportional to the total source T ≡ ⟨S⟩ = ⟨J sc ⟩, the nearly perfect linear relationship between these timescales and 1∕ T shows that the inventories of both total iron and free iron are very well constrained. Conversely, the timescales themselves are only as well constrained as A and hence very uncertain. This uncertainty is reflected in previous modeling studies, where estimates of T range from 233 years for a model with only an aeolian source of 2.6 Gmol yr −1 ] to 12-24 years for Moore and Braucher,'s [2008] BEC model, with a combined aeolian and sedimentary iron input of over 55 Gmol/yr. Our estimates of T range from 97 to 421 years depending on the value of T . Note that ⟨J sc ⟩ is the flow rate through both the total and free iron pools as iron must be free to be scavenged. Thus, with by Moore and Braucher [2008] for the upper 103 m. Locally, up can be as short as a few days in regions of high productivity. Figure 12 shows the global hydrothermal and sediment iron source strengths as a function of A across our family of solution. The values for A = 3.5 Gmol/yr and the range across the family of solutions with plausible Fe * are collected in Table 3 . The globally integrated hydrothermal source strength H ≡ ∑ 4 i=1 i H ranges from 0.57 to 0.73 Gmol/yr (Figure 12a ) and is thus remarkably well constrained considering the order-of-magnitude range in the aeolian source strength. Indeed, the range of H is comparable to the ±0.05 Gmol/yr uncertainty in H due to the uncertainty in the observations. Figure 12b shows the percent contribution to the global hydrothermal source from the Atlantic, Pacific, and Indian Ocean ridge systems (the Southern Ocean contribution is negligible). For small A , the Pacific sources provide ∼50% of the total, with the Atlantic and Indian Ocean providing ∼30% and ∼20%, respectively. As A increases to 6.1 Gmol/yr, the Pacific and Indian Ocean source strengths drop by ∼8%, with the Atlantic source strength increasing correspondingly. (For A ∼ 5 Gmol/yr, the Pacific and Atlantic source strengths are roughly equal at ∼43%.) The global sediment source strength, S , (Figure 12c ) is 15-40% larger than H (the larger A , the larger S ∕ H ). Both the sediment and hydrothermal source strengths vary relatively little with A . Figure 13 shows the dependence of the optimized scavenging parameters org , f min , and on the aeolian source strength A . The scavenging constant org increases roughly linearly with A ( Figure 13a ) as expected from the fact that the inventory of free iron is well constrained and that the iron removal rate,
Source and Scavenging Parameters
, approximately matches A . The fact that org is near zero around A ∼ 1 Gmol/yr is likely due to compensation with the minimum value of the scavenging profile, f min , which increases (not shown) by an order of magnitude for the smallest sources explored. The minimum scavenging profile value f min scales roughly like 1∕ A so that the product org f min plotted in Figure 13b , which represents the rate constant for the deep scavenging by ballast particles, depends only weakly on A . The scavenging profile exponent plotted in Figure 13c has a typical value of ∼2, with little sensitivity to the value of A . With ∼ 2, most of the scavenging occurs in the upper few hundred meters of the water column.
Discussion and Conclusions
We used a simple model of the global marine iron cycle to constrain its key biogeochemical parameters from observed dFe concentrations through objective optimization. The model is embedded in the data-assimilated, steady state circulation of Primeau et al. [2013] and uses a prescribed phosphate cycle based on an optimized parameterization of phosphate uptake in terms of satellite-derived NPP.
The model's key control parameter is the aeolian source strength, A . However, because iron sources and sinks overlap spatially, sources and sinks could not be optimized independently: An increase in A can be largely compensated by a corresponding increase in the scavenging amplitude without significantly affecting iron concentrations. We therefore explored a family of solutions, with each member corresponding to a different 10.1002/2015JG003111 value of A . Once A is specified, all other parameters could be objectively determined. All family members have very similar global dFe distributions.
We find that the maximum Fe:P uptake ratio R 0 is tightly correlated with the aeolian source strength because increased iron uptake is necessary to reduce surface dFe concentrations to observed levels in the presence of increased aeolian deposition. Therefore, if a globally representative value of R 0 could be determined from suitable large-scale measurements of iron quota across the major plankton classes, the available dFe observations could constrain the global iron cycle much more precisely than is currently possible. Likewise, reducing the uncertainty in the aeolian deposition rate through more accurate atmospheric and aerosol modeling would help greatly in constraining the marine iron cycle. The range of A explored corresponds to a range of R 0 from 0.4 to 9.5 mmol Fe/(mol P), which encompasses the majority of field measurements of Fe:P cell quota [e.g., Twining and Baines, 2013] .
Because we minimized the mismatch with observed dFe concentrations, the global inventories of the chelated and free dFe pools are constrained to within ∼10%. The flow rates through the pools, however, are driven primarily by the aeolian input resulting in bulk timescales that vary approximately linearly with A . The organic scavenging constant similarly varies approximately in proportion to A , providing the key control on the size of the scavenging sink in the presence of a well-constrained pool of free iron. The minimum scavenging rate constant for ballast particles, f min org is constrained to within 27%, and the exponent, , of the vertical scavenging profile varies by less than 14%.
We did not optimize the half-saturation constant of the Fe:P uptake ratio, or the ligand parameters because changes in these could be largely compensated by the parameters that were optimized. However, to match observed middepth dFe maxima in the Pacific, it was necessary to increase the ligand concentration in the ocean's oldest waters above the otherwise globally uniform background to reduce iron scavenging there. Similarly, to match hydrothermal iron plumes, we also needed to associate the hydrothermal sources with plumes of increased ligand concentrations.
Hydrothermal and sedimentary source strengths are well constrained across our family of solutions and not systematically correlated with the strength of the aeolian source. Therefore, the hydrothermal and sedimentary sources, balanced largely by the ballast scavenging, are a part of the marine iron cycle that is largely decoupled from the aeolian component. The dFe anomaly due to hydrothermal iron in the euphotic zone is roughly 10% in the zonal average and concentrated in subpolar upwelling regions, where hydrothermal iron thus supports order 10% of the biological production. Upwelling hydrothermal iron has negligible impact on iron limitation, except perhaps in regions where the iron-to-nutrient ratio nearly matches the local uptake ratio ([Fe * ] ∼ 0) at the equatorward fringes of the subpolar oceans. Given the current dFe observations, our inverse model infers that the hydrothermal anomaly in the Southern Ocean is driven entirely by transport from the tectonic ridge systems of the other basins: the source strength of the Southern Ocean ridge system is negligible across our family of optimized solutions.
Our estimate for the global hydrothermal source strength of 0.57-0.73 Gmol/yr is consistent with the observational estimate of 0.7 Gmol/yr by Fitzsimmons et al. [2014] . Our sediment sources, on the other hand, are about an order of magnitude smaller than other estimates (0.8-0.9 Gmol/yr compared to 8 Gmol/yr in the work of Galbraith et al. [2010] and 32 Gmol/yr in work of Moore and Braucher [2008] ). This may be a consequence of our implicit representation of iron precipitation: a very large sediment source is likely to raise dFe concentrations above the background ligand concentration of 1 nM in shallow continental-shelf waters, where it would then precipitate out. In this sense, we estimate a sediment source that is the residual source after precipitation has been subtracted out. The range of the aeolian source strength A explored here encompasses the values used by Galbraith et al. [2010] , Parekh et al. [2005] , and Dutkiewicz et al. [2005] . However, our largest A = 6.1 Gmol/yr is still ∼4 times smaller than that used by Moore and Braucher [2008] . We find that solutions for A > 6.1 Gmol/yr have patterns of iron limitation that are inconsistent with existing observations. All members of our family of solutions capture the large-scale global patterns of dFe and the known regions of iron limitation. However, the dFe fields still have an RMS error of ∼0.2 nM, with the observations showing a greater dynamic range. This mismatch may be due to the presence of seasonal and interannual variations that cannot be captured by our steady state model. Our iron model also neglects possible regional variations in key parameters such as the maximum Fe:P uptake ratio and its half-saturation constant. In addition, recent measurements suggest that iron and phosphate do not remineralize everywhere at the same Fe:P ratio with which they were taken up as is assumed in our formulation. The work of Twining et al. [2014] suggests that sinking diatoms release phosphorus significantly higher in the water column than iron. The effects of this are hard to quantify without including differential remineralization in the calculations, but it is possible that this would improve the fit with observations.
We also acknowledge that a steady state, coarse-resolution global model cannot capture regions of elevated natural iron fertilization that are observed downstream from islands and seamounts [Blain et al., 2007; Venables et al., 2007; Hopkinson et al., 2007] and from icebergs [Klunder et al., 2014] . In these regions, dFe is affected by local processes such as enhanced diapycnal mixing, eddy pumping, and small-scale filaments created by eddy interactions [Kahru et al., 2007; Venables et al., 2007; Maraldi et al., 2009; Frants et al., 2013] that are not resolved in our circulation. Entrainment from sediments on shallow continental and island shelves is also not fully resolved. While localized sources, processes, and seasonality are key to understanding specific transects in detail, the tacit assumption of any global steady state model is that their inclusion is not essential for capturing the time-averaged, large-scale climatology.
In the future, additional GEOTRACES transects will become available and allow us to better constrain hydrothermal sources, especially in the Pacific where full transects are currently not available. Future research will also dynamically couple the phosphate and iron cycles so that the effect of iron perturbations on biological production can be examined in a data-constrained manner.
Appendix A: A Simple Data-Constrained Phosphate Cycle
The phosphate uptake rate per unit volume, J up , is estimated from satellite-derived NPP, J npp , as [Hansell et al., 2012] :
where J 0 = 1 mmol C m −3 s −1 is a constant arbitrarily chosen to nondimensionalize J npp , which we distribute uniformly in the vertical over the top 73.4 m of the ocean, the model's euphotic zone. For J npp we use monthly satellite-derived NPP fields averaged over the period [2002] [2003] [2004] [2005] [2006] [2007] [2008] [2009] [2010] [2011] [2012] . These fields are available from Oregon State University (http://orca.science.oregonstate.edu/1080.by.2160.monthly.hdf.cbpm2.m.php) and were constructed using a carbon-based primary production model [Westberry et al., 2008] that uses MODIS chlorophyll measurements. The constants and are determined by minimizing the quadratic, volume-weighted mismatch between the solutions of (1) and the WOA09 phosphate concentrations. The optimized values are = 3.57 × 10 −5 mmol P m −3 s −1 and = 0.64. Figure A1 shows J up as defined by (A1) for the optimized values of and . Figure A1 also shows the fidelity of the corresponding phosphorus cycling model (1) to the World Ocean Atlas 2009 [Garcia et al., 2010] as Figure A1 . Left: vertically integrated phosphate uptake rate estimated from satellite-derived net primary production. Right: joint distribution of observed and modeled phosphate concentration, expressed in percentiles. For the Nth percentile, N% of the distribution lies outside the N% contour, so that high-percentile contours correspond to high probability density. See section 2.2 for details on the phosphorus-cycling model. The RMS error for modeled phosphate is 4.8% of observed global mean phosphate concentration.
